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[1] The large temperature difference between the core and mantle of Mars at the end of
planetary accretion creates a hot, internally convecting thermal boundary layer at the
base of the mantle, whose viscosity is several orders of magnitude lower than the viscosity
of the mantle above it. Theoretical analysis and numerical simulations of the instability
of this thermal boundary layer show that it is likely that only one large plume forms.
This superplume may play a role in the formation of crustal dichotomy and generation of
the magnetic field in the early history of Mars.
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1. Introduction

[2] The surface of Mars consists of a heavily cratered
elevated southern hemisphere which occupies about 60% of
the planet and a resurfaced depressed northern hemisphere
which covers the remaining 40%. The southern hemisphere
of Mars is several kilometers higher than the northern one
with a small north to south slope and the maximum
elevation difference of �6 km [Smith et al., 1999]. Crustal
models constrained by gravity and topography data indicate
that the crust thins progressively from south to north [Zuber
et al., 2000]. Although the northern lowlands are not as
heavily cratered as the southern highlands, the similarity
between the size-frequency distribution of buried craters in
the resurfaced northern lowlands and that of craters in the
southern highlands suggests that both regions are roughly
the same age and that resurfacing of only about 1 to 2 km
thick layer took place later in planetary evolution [Frey et
al., 2002]. This implies that the dichotomy formed very
early although the absolute age is uncertain. Hartmann and
Neukum [2001] estimate an age of �3.9 Gyr, that is about
�600 Myr after planetary accretion. The proposed mecha-
nisms for the origin of crustal dichotomy include impacts
[Wilhelms and Squyres, 1984; Frey and Schultz, 1988],
mantle convection [McGill and Dimitriou, 1990; Zhong
and Zuber, 2001], mantle overturn upon crystallization of
a magma ocean [Elkins-Tanton et al., 2005], and plate
tectonics [Sleep, 1994; Lenardic et al., 2004].
[3] We propose a hypothesis that the dichotomy is caused

by an early superplume produced by a hot Martian core. A
classical plume theory based on constant viscosity models
[e.g., Whitehead and Luther, 1975; Campbell et al., 1990]
would have difficulties in explaining the rapid formation of

single plumes as it did in the case of Tharsis [Schubert et
al., 1990; Harder and Christensen, 1996; Harder, 1998,
2000; Breuer et al., 1998; Wenzel et al., 2004].
[4] The factor which can play an important role is

temperature-dependent viscosity which is known to sub-
stantially affect plume dynamics [Loper and Stacey, 1983;
Weinberg, 1997; Kellogg and King, 1997; van Keken, 1997;
Schaeffer and Manga, 2001; Lithgow-Bertelloni et al.,
2001]. In this paper, we focus on the regime where the
viscosity contrast across the thermal boundary layer (TBL)
at the base of the mantle is very large. This regime is
transient in the sense that the large viscosity contrast across
the bottom boundary layer can only occur when convection
is not in thermal equilibrium, that is when heating is not in
balance with cooling. In thermal equilibrium, the tempera-
ture difference in the bottom boundary layer of temperature-
dependent viscosity fluids is controlled by the viscosity law
in such a way as to maintain the viscosity contrast across the
boundary layer at a factor of �3 [Morris and Canright,
1984; Fowler, 1985]. For a terrestrial planet, this tempera-
ture difference is �100 K.
[5] Because the temperatures of the Martian core and

mantle are established during planetary accretion and core
formation, there is no reason for the initial temperature
difference between the core and mantle be close to this
value. When the temperature difference between the core
and the mantle is so large that the viscosity contrast across
the TBL exceeds �104, instabilities develop within the
boundary layer [Yuen and Peltier, 1980; Christensen,
1984; Olson et al., 1987; Thompson and Tackley, 1998].
This regime has been described quantitatively by Solomatov
and Moresi [2002] and Ke and Solomatov [2004], who
demonstrated that the internally convecting TBL is separated
from the upper region by a relatively sharp rheological
boundary forming effectively a two-layer system. Plumes
form as a result of Rayleigh-Taylor-like instability of the
TBL, which tends to produce fewer and larger plumes. The
goal of this study is to extend the 2-D analysis of Ke and
Solomatov [2004] to 3-D spherical shell geometry and
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discuss the implications of this type of behavior for the origin
of Martian crustal dichotomy.

2. Model

[6] We consider the mantle to be a spherical shell of
density r0, viscosity m0, and thickness H = R0 � Rc, where
Rc is the inner radius (the radius of the core-mantle
boundary, CMB) and R0 is the outer radius (planetary
surface) (Figure 1a). The boundaries are stress-free. Al-
though the planetary surface is a stress-free boundary, the
stiff lithosphere can make it effectively a no-slip boundary.
On the other hand, an asthenosphere may decouple the
lithosphere and the mantle making it effectively a stress-free
boundary. In either case, the exact conditions near the
planetary surface are not very important to the early stages
of plume development.
[7] Initially, the mantle has a constant temperature Tm and

the CMB is held at Tc = Tm + DT. At time t > 0, a TBL is
developed at the bottom of the mantle. We assume that the
viscosity contrast across the TBL is larger than �104 so that
convection begins within the TBL [Solomatov and Moresi,
2002].
[8] When small-scale convection starts, the temperature

distribution inside the TBL changes from a conductive
profile to a convective profile [Solomatov and Moresi,
2002]. In the first approximation it can be considered as a
nearly isothermal and isoviscous layer. The mantle can then
be approximated as two uniform layers with different
viscosities and densities (Figure 1a).
[9] With these simplifications, large-scale instability of

the mantle behaves essentially as a Rayleigh-Taylor insta-
bility, except that the boundary between the layers prop-
agates upward. The amplitude x0 of a small initial

perturbation of the interface would grow exponentially with
time:

x ¼ x0 exp stð Þ; ð1Þ

where s is the growth rate, eventually forming plumes
(Figure 1b).

3. Viscosity

[10] The viscosity is assumed to be controlled by diffu-
sion creep and is described by an Arrhenius function of
temperature [Karato and Wu, 1993],

m ¼ G

2A

D

b*

� �m

exp
Q

RT

� �
; ð2Þ

where A is a constant, G is the shear modulus, D is the grain
size, b* is the Burgers vector, R is the universal gas constant
and Q is the activation enthalpy. The activation enthalpy is
estimated from Q = E* + Pc V* where E* is the activation
energy, V* is the activation volume, and Pc is the
hydrostatic pressure at the core-mantle boundary.

4. Nondimensional Parameters

[11] To nondimensionalize the problem, we choose the
thickness H = R0 � Rc of the mantle (including the TBL) as
the length scale, t0 = H2/k as the time scale, u0 = H/t0 as the
velocity scale, and D T = Tc � Tm as the temperature scale,
where k = k/r0 cp is the thermal diffusion coefficient, k is
the thermal conductivity, and cp is the isobaric specific heat.

Figure 1. (a) The schematics of the model. The top and bottom boundaries of the mantle are stress-free.
The inner radius of the spherical shell is Rc and the outer radius is R0. The thickness of the convecting
TBL is h. The amplitude of large-scale perturbation is x. The viscosity and density of the mantle are m0
and r0. The viscosity and density of the internally convecting TBL are m1 < m0 and r1 < r0. (b) The plume
formed by the large-scale perturbation.
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[12] It is convenient to introduce two Rayleigh numbers:
the mantle Rayleigh number,

Ra0 ¼
ar0gDTH3

km0

; ð3Þ

and the Rayleigh number at the core-mantle boundary,

Ra1 ¼
ar0gDTH3

kmc

; ð4Þ

where a is the thermal expansion coefficient, g is the
acceleration due to gravity, and mc is the bottom viscosity (at
the core-mantle boundary temperature Tc).
[13] Other dimensionless parameters are: the ratio c=Rc/R0

between the core radius and the planetary radius, and the ratio
� = h/Rc between the thickness of the TBL and the core
radius.

5. Small-Scale Convection

[14] According to the half space heating model [Turcotte
and Schubert, 2002] the nondimensional temperature gra-
dient at the core-mantle boundary changes with time as
(p t)�1/2. The corresponding thickness of the TBL is

d ¼ ptð Þ1=2: ð5Þ

160[15] Small-scale convection starts when the TBL reaches
the critical thickness dcr (Figure 2a) [Stengel et al., 1982;
Solomatov, 1995],

d3cr ¼
20:9q4

Ra1
; ð6Þ

where

q ¼ gDT ; ð7Þ

and

g ¼ Q

RT2
c

: ð8Þ

This gives the time tss at the onset of small-scale convection,

tss ¼ p�1d2cr ¼ 2:4
q4

Ra1

� �2=3

: ð9Þ

The initial thickness of the convective sublayer is (Figure 2b)
[Stengel et al., 1982]

h0 ¼
8

q

� �
dcr ¼ 22

q
Ra1

� �1=3

: ð10Þ

Thus the initial thickness ratio �0 is (for c � 0.5)

�0 ¼
h0

Rc

¼ 22
q

Ra1

� �1=3

: ð11Þ

The temperature of the convective layer is [Solomatov and
Moresi, 2002]

T1 ¼ 1� 1:1

q
; ð12Þ

Figure 2. (a) The schematics of temperature distribution
in the thermal boundary layer before the onset of small-
scale convection. (b) The schematics of temperature
distribution in the thermal boundary layer after the onset
of small-scale convection. The thickness of the entire layer
is H = R0 � Rc. The thickness h of the boundary layer is
determined by the isotherm T = TL = 0.6 (non-dimensional
temperature). The internal temperature of the boundary
layer is T1. The bottom temperature (at the core-mantle
boundary) is Tc = 1. The mantle temperature is Tm = 0.
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and the viscosity contrast between the layers is

Dm ¼ m0

m1

¼ exp
Q T1 � Tmð Þ

RTmT1

� �
: ð13Þ

After the onset of small-scale convection, the heat flux at the
bottom is

F ¼ aq�4=3Ra
1=3
1 ; ð14Þ

where the coefficient a � 0.4–0.7 depends on the geometry
and the heating mode [Solomatov and Moresi, 2000, 2002;
Reese et al., 2005]. We will use a = 0.5. This value was
suggested by numerical simulations of a similar problem in
2-D [Solomatov and Moresi, 2000] and is also in agreement
with the 3-D simulations described below. The convecting
TBL grows at an approximately constant rate [Solomatov and
Moresi, 2002]:

_h ¼ vh ¼
F

T1
: ð15Þ

6. Large-Scale Instability

[16] In a previous study [Ke and Solomatov, 2004] we
obtained scaling relationships for large-scale instability in a
two-dimensional Cartesian geometry. Our results show that
at large viscosity contrasts the plume formation can approx-
imately be described as Rayleigh-Taylor instability.
[17] Similar scaling relationships for a spherical shell can

be obtained using (1) the scaling laws for small-scale
convection in a spherical shell and (2) the solution for
Rayleigh-Taylor instability in a spherical shell. Scaling laws
for 2D and 3D small-scale convection are very similar
[Solomatov and Moresi, 2000; Reese et al., 2005] but the
solutions for Rayleigh-Taylor instability in a spherical shell
geometry appear very different from those in a two-
dimensional box. Below we analyze the 3-D solutions for

Rayleigh-Taylor instability to relate 2-D and 3-D solutions
and obtain scaling laws for plume formation in a spherical
shell geometry.

6.1. Ribe and de Valpine’s [1994] Solution

[18] The analytical solution for Rayleigh-Taylor instabil-
ity in a spherical shell geometry was obtained in the ‘‘thin
layer’’ limit (� l � 1) by Ribe and de Valpine [1994]. The
nondimensional instability growth rate is

s ¼ H2

k
Drgh
m1

~s ¼ c�Dm
1� c

� �
Ra0~s; ð16Þ

where ~s is

~s ¼ �l l þ 1ð Þ F1 þ �DmF2ð Þ
c DmF3 þ �F4 þ �3Dm2F5ð Þ ; ð17Þ

l is the spherical harmonic degree of the perturbation, and
the coefficients Fi are algebraic functions of c = Rc/R0 and l
[Ribe and de Valpine, 1994]. For each l there are 2l + 1
degenerate modes (m = �l,. . ., �1, 0, +1,. . ., l ).
[19] Figure 3 shows the growth rate as a function of

spherical harmonic degree at different viscosity contrasts for
c = 0.5 and � = 0.05. As the viscosity contrast increases, the
lower harmonic degree perturbations grow faster. However,
one can see that the difference in growth rates between l = 1
and l = 2 is small. This suggests that the initial amplitude of
the perturbation may control how many plumes will be
formed.

6.2. Comparison of Linear Regimes Between 2-D
and 3-D

[20] To compare 2-D and 3-D solutions, we first compare
the non-dimensional parameters of the 3-D model with
those of the 2-D model in Table 1. For 1 � l � ��1, using
normalized wavenumber Ks = 2� l, equation (17) can be
simplified as

~s ¼ 3Ks þDmKs
2

12Dmþ 12Ks þDm2Ks
3
: ð18Þ

[21] For the perturbations with short wavelength (Ks 	
max(�, Dm�1/3)), the motion of interface is vertical and the
growth of the instability is limited by the normal stresses in
the more viscous upper layer. The growth rate ~s � 1/D mKs,
which decreases with increasing wavenumber (Regime III
in Figure 4b). This regime also includes the region l > ��1.

Figure 3. The instability growth rate ~s as a function of
spherical harmonic degree l at different viscosity contrasts
Dm for c = 0.5 and � = 0.05.

Table 1. Comparison of Controlling Parameters in Two and Three

Dimensions

Parameters Two Dimensions Three Dimensions

Viscosity contrast m0/m1 m0/m1
Thickness ratioa b = H�h

h
H�h
h

� ��1

Perturbation wavelength l ls = 2pRc/l
Perturbation wavenumber k = 2p/l ks = l/Rc

Normalized wavenumber K = 2kh Ks = 2 ksh = 2�
aHere H�h

h
= (1�c

c
) ��1�1 � ��1, when c � 0.5 and � � 1.
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[22] In another regime (Dm�1 � Ks � Dm�1/3, 1 �
Dm � ��3), the wavelength of the perturbation is long
compared to the bottom layer, thus the primary motion of the
interface is horizontal and limited by shear stresses. The con-
ductive region is relatively immobile and the shear in the
bottom layer limits the growth rate ~s � Ks

2/12 (Regime II in
Figure 4b).
[23] In the last regime (� � Ks � Dm�1), the slight

resistance of the upper layer gives a small shear gradient
across the bottom layer, which can balance the buoyancy
and give the growth rate ~s � Ks/4 Dm (Regime I in Figure
4b). The regime diagram for the spherical shell geometry
(Figure 4b) is similar to the top-right part (D m > 1, K >
b�1) of the 2-D regime diagram (Figure 4a). The asymptotic
growth rates including the numerical coefficients are also
the same. This similarity makes the extension of the 2-D
scaling laws to 3-D spherical geometry relatively straight-
forward.

6.3. Fastest Growing Mode

[24] In linear theory, the fastest growing mode determines
how many plumes are generated. The spherical harmonic

degree l of this mode is equal to the number of plumes.
When Dm > ��3, the growth rate of the instability decreases
monotonically with increasing harmonic degree l (Figure 4b).
In this case, the degree-1 mode (one plume) is the fastest
growing mode. When Dm < ��3, the instability growth rate
increases with l in regimes I and II, and decreases in
regime III. Therefore the mode with the maximum growth
rate is located on the boundary separating regimes II and
III (Figure 4b), which can be used to determine the number of
plumes for Dm < ��3. Thus the general formula for the
spherical harmonic degree of the fastest growing mode (the
number of plumes) is

lmax ¼ 1 ifDm > ��3;
��1Dm�1=3 if 1 < Dm < ��3:

�
ð19Þ

2For the fastest growing mode, equations (16) and (17) give

s ¼ c

1� c

� � Ra0

2lmax

: ð20Þ

Figure 4. (a) The regime diagram for a 2-D Rayleigh-Taylor instability between two horizontal layers
with different thicknesses, densities and viscosities [after Canright and Morris, 1993]. The vertical axis is
the viscosity contrast Dm = m0/m1 between the mantle and the TBL. The horizontal axis is the
nondimensional wavenumber K of the perturbation. The boundaries between the regimes are shown with
solid and dashed lines. The dashed boundaries indicate the change of rate-controlling viscosity (above the
dashed line the instability growth rate is controlled by m0 and, below the dashed line, by m1). The ratio of
the thickness of the upper layer to the thickness of the lower layer is b = (H � h)/h. The instability growth
rates in each regime are indicated. (b) The regime diagram for a Rayleigh-Taylor instability in a spherical
shell geometry for c = 0.5. The vertical axis is the same as in 2-D. The horizontal axis is Ks = 2� l where l
is the spherical harmonic degree and � = h/Rc is the ratio of the boundary layer thickness to the core
radius. With these definitions, Ks is equivalent to K, b is equivalent to ��1 and the top-right part of the 2-D
regime diagram (the white region of the 2-D diagram, Dm > 1 and K > b�1) is identical to the 3-D
diagram.
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6.4. Plume Formation

[25] The onset time of plume formation is defined by the
requirement that [Ke and Solomatov, 2004]

_x ¼ vh: ð21Þ

From equation (1) the onset time of plume formation is

tp ¼ tss þ t ln
d
x0

� �
; ð22Þ

where t is the time scale for plume formation,

t ¼ s�1 ¼ 2lmax

Ra0
; ð23Þ

and d is a characteristic thickness

d ¼ vh

s
¼ 2lmaxF

Ra0T1
: ð24Þ

The thickness of the convecting TBL at the time when
plumes form is

hp ¼ h0 þ vh tp � tss
� 	

¼ h0 þ d ln
d
x0

� �
: ð25Þ

7. Summary of Scaling Relationships in
Dimensional Form

[26] The large viscosity contrast regime of plume forma-
tion involves small-scale convection in the TBL, growth of
the TBL, and large-scale instability of the TBL. This regime
takes place when the viscosity contrast across the TBL
satisfies the condition

m0

mc

¼ exp
QDT

RTmTc

� �
> 104: ð26Þ

[27] Small-scale convection begins when the TBL rea-
ches the critical thickness

dcr ¼ 2:75q4=3
kmc

ar0gDT

� �1=3

; ð27Þ

and occurs at time

tss ¼ p�1d2cr ð28Þ

The thickness of the convecting TBL at the onset of small-
scale convection is

h0 ¼ 22q1=3
kmc

ar0gDT

� �1=3

; ð29Þ

and the interior temperature in the convecting TBL is

T1 ¼ Tm þ 1� 1:1

q

� �
DT : ð30Þ

[28] The heat flux at the CMB is

F ¼ 0:5kg�4=3 ar0g
kmc

� �1=3

: ð31Þ

The boundary of the convective region propagates upward
with the velocity

vh ¼
F

rcp T1 � Tmð Þ : ð32Þ

The spherical harmonic degree of the fastest growing mode
(the number of plumes) is

lmax ¼
1 ifDm > ��3

p ;

��1
p Dm�1=3 if 1 < Dm < ��3

p ;

(
ð33Þ

where �p = hp/Rc and its growth rate is (for c = Rc/R0 � 0.5),

s � ar0gDTH

2lmaxm0

: ð34Þ

[29] The onset time of plume formation is

tp ¼ tss þ t ln
d
x0

� �
; ð35Þ

where t = s�1 and d = vht and the thickness of the
convecting TBL at t = tp is

hp ¼ h0 þ vh tp � tss
� 	

: ð36Þ

Below we perform numerical simulations and compare the
numerical results with the predictions of our scaling theory.

8. Numerical Simulations

[30] The goal of the numerical simulations presented in
this section is to test the linear theory that describes the
large-scale instability. The mathematical formulation is
exactly the same as described earlier. Some of the simu-
lations extend well beyond the linear stage. Although they
help to visualize the plume structure, they are not designed
to study long-term dynamics such as plume-lithosphere
interaction (note that the cold thermal boundary layer is
absent in the model because the surface temperature, Ts = 0,
is the same as the initial temperature of the mantle) or to
study multiple plume events (the model does not take into
account core cooling or radiogenic heating which are
important in long-term evolution).
[31] The nondimensional equations of thermal convection

in the Boussinesq approximation are

r � u ¼ 0; ð37Þ

0 ¼ �rpþ argTnþr � m ruþ ruf gT
� 	� �

; ð38Þ

@T

@t
þ u � rT ¼ r2T : ð39Þ
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Here u is the velocity vector, p and T are the pressure and
temperature perturbations, n is a unit vector in the direction
of gravity, and {}T is the transpose operator.
[32] The numerical simulations are performed using par-

allelized finite element code CITCOMS [Zhong et al.,
2000]. The spherical shell has 64 elements in the radial
direction with finite elements approximately equidimen-
sional near the core-mantle boundary. The total number of
elements is 64� 64� 64� 12. This is half the resolution of
our 2-D simulations [Ke and Solomatov, 2004] (128 elements
in the vertical direction).
[33] The viscosity is an exponential function of temper-

ature (Frank-Kamenetskii approximation) and the viscosity
contrast across the bottom TBL is Dm = 106. Although this
is very different from the Arrhenius function, the scaling

laws depend only on the viscosity contrast Dm and the
Frank-Kamenetskii parameter q.
[34] To resolve small-scale convection, the Rayleigh

number Ra0 = 1.25 � 103 is lower than used by Ke and
Solomatov [2004]. Note that despite the spherical geometry
we define the Rayleigh number by equation (3) so that it can
approximately be compared with its 2-D counterpart. The
Rayleigh number which is more appropriate for character-
izing small-scale convection inside the TBL is RaTBL =
Ra1h

3 = DmRa0h
3. It varies from �105 during the linear

plume growth to �109 in the well-developed stage.
[35] To initiate large-scale instability we impose a tem-

perature perturbation in the form of a single spherical
harmonic function of degree l with m = l and amplitude
1%, multiplied by a sine function in radial direction, so that
the perturbation vanishes at the boundaries. The perturba-
tion with m = l produces plumes along the equator.
[36] The snapshots of our numerical simulations for l = 1

and 2 are shown in Figure 5. The thickness of the convect-
ing TBL (defined by the isotherm TL = 0.6) and the
amplitude of the instability for l = 1, 2, 3, 4 and 5 are
shown in Figure 6. The propagation speed of the convective
layer is approximately constant (it would eventually slow
down because of the spherical geometry) while the insta-
bility grows exponentially with time.
[37] Figure 7a shows the growth rate, s, as a function of

harmonic degree l. The theoretical growth rate is calculated
using equations (16) and (17) assuming a constant value of
� = h/Rc � h0/r1. Although h changes during evolution, the
small variation in h after the onset of convection and the
weak dependence of function (16) on h allows us to use a
constant value h = h0. The numerical results agree rea-
sonably well with the theory.
[38] The onset time of plume formation, tp, is calculated

using equations (22)–(24). The largest contribution to tp
comes from tss (it takes much longer for small-scale
convection to start than for plume to develop). After the
onset of small-scale convection, the temperature profile
becomes near isothermal, which roughly doubles the buoy-

Figure 5. A sequence of snapshots (great circle cross-
sections of the spherical shell temperature distribution)
showing plume formation at large viscosity contrasts for
(a) l = 1 (t = 0.0031, 0.0059 and 0.0067) and (b) l = 2 (t =
0.0035, 0.0057 and 0.0069). The initial mantle temperature is
Tm = 0. The core-mantle boundary temperature Tc = 1 is
constant during the evolution. The surface thermal boundary
layer is not important for this study and is not simulated (the
surface temperature is Ts = 0). The shades of gray highlight
hot (light) and cold (dark) plumes of small-scale convection
inside the TBL. The mantle temperature above the TBL is
close to zero. The regions with T < 0.6 are shown with black.

Figure 6. The thickness of the thermal boundary layer h
(dashed line) and the amplitude of the large-scale instability
x (solid line) for the spherical harmonic degree l = 1, 2, 3, 4
and 5 (m = l). The onset time of plume formation (indicated
by solid circles) is determined from the condition _h = _x.
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ancy of the TBL and the average viscosity of the TBL drops
by several orders of magnitude. These changes significantly
accelerate the growth of the large-scale instability. Thus the
onset of small-scale is effectively the beginning of the
Rayleigh-Taylor instability.
[39] The discrepancy between the theoretical and the

numerical curves in Figure 7b may be due to various
factors. Perhaps the most important one is that equation
(6) describes the onset of convection in a layer with
nonmoving boundaries [Stengel et al., 1982] and thus can
only approximately predict the onset of convection in the
TBL. Furthermore, equation (6) is based on a linear theory.
A nonlinear theory [Solomatov and Barr, 2006] gives
noticeably different criteria. Figure 7c shows the thickness
of the TBL, hp, at the onset time of plume formation, t = tp.
The theoretical curve is calculated using equation (25).

9. Implications for Mars

9.1. Initial Temperatures of the Core and Mantle

[40] Whether or not transient superplumes occurred on
Mars depends on the rheology and the initial temperatures
of the core and mantle. Figure 8 summarizes the range of
temperatures at which the formation of superplumes occurs
for diffusion creep in wet olivine [Karato and Wu, 1993]
(the values of all physical parameters are given in Table 2)
and shows how the spherical degree l of the most unstable
mode (the number of superplumes) varies with tempera-
ture. For the range of mantle temperatures between 1300
and 1800 K, the core-mantle temperature difference re-
quired for the formation of one superplume is between 500
and 1500 K.
[41] Are these temperatures realistic? Unfortunately, the

initial temperatures of Mars and especially the temperature
difference between the core and mantle are poorly con-
strained. On Earth, the temperature of the lower mantle is

Figure 7. (a) Dependence of the growth rate, s, of large-
scale instability, (b) the onset time, tp, of plume formation,
and (c) the thickness, hp, of the TBL at t = tp on the
spherical harmonic degree l. The solid lines show the
theoretical prediction. The dashed lines show the numerical
results. Note that the theory does not use any adjustable
parameters.

Figure 8. The boundary separating the two regimes of
plume formation (with or without small-scale convection in
the TBL) is shown as a function of mantle temperature and
the temperature difference between the core and mantle. The
numbers of plumes in the large viscosity contrast regime
(with small-scale convection) are indicated. The viscosity
law corresponds to diffusion creep in wet olivine.
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around 2800 K and the temperature difference between the
core and the lower mantle in the present-day Earth is
1000–2000 K [Boehler, 1996, 2000; Williams, 1998].
Thermal evolution models indicate that in the past the
core-mantle temperature difference is likely to be larger
[Stevenson et al., 1983].
[42] The impacts of large differentiated bodies at the end

of accretion could have played a key role in generating a
large temperature difference between the core and the
mantle. Recent simulations of the collision of large differ-
entiated bodies with the proto-Earth during the late stages of
accretion [Canup, 2004] indicate that the material that is
heated the most (to more than 104 K) is the iron core of the
impactor. The hot iron from the impactor accumulates in the
upper part of the Earth’s core, where it is gravitationally
stable. The temperature of the coldest mantle material is
�2000 K while the temperature of the hottest mantle
material �104 K. Although Canup’s [2004] simulations
look only at the first days of impact dynamics, it is clear
that the coldest mantle material will eventually accumulate
at the base of the mantle while the molten parts of the lower
mantle will crystallize and cool down to near-solidus
temperatures, 4000–5000 K [Holland and Ahrens, 1997;
Zerr et al., 1998] within �103 years [Solomatov, 2000].
This is very fast compared to the growth of the thermal
boundary layer (108 years). Although detailed models of
these processes are yet to be developed, it seems that at the
end of accretion and core formation, the Earth’s core may be
hotter than the base of the mantle by as much as �5000 K.
[43] Mars is a smaller planet and core formation on Mars

is less energetic than on Earth [e.g., Solomon, 1979]. Thus
one might expect a smaller core-mantle temperature differ-
ence. For example, a comparison of the accretion energies
of Mars and Earth, which scales as M/R, shows that the
accretion energy of Mars is about 1/5 of the accretion
energy of Earth. Assuming a linear relationship between
the accretion energy and the core-mantle temperature dif-
ference (the actual scaling law is unknown) the core-mantle
temperature difference on early Mars can still be quite large
(�1000 K).

[44] Another simple constraint on the temperature differ-
ence between the core and the mantle can be obtained from
the assumption that the energy of core formation is retained
within the segregated iron [Stevenson, 2001]. If all of the
energy of core formation [Solomon, 1979] goes to the core
alone, this can give over 1000 K increase in the temperature
of the core.
[45] Numerical simulations of accretion predict a rather

cold interior of Mars, about several hundred degrees Kelvin
near the center of the planet [Senshu et al., 2002]. In these
models, liquid iron forms a layer at some depth and sinks
toward the center of the planet as a result of Rayleigh-
Taylor instability [Elsasser, 1963; Kaula, 1979; Stevenson,
1981, 1990; Ida et al., 1987; Honda et al., 1993]. The
instability of the liquid iron layer may occur relatively late
in Mars’ history (�500 Myr) because the cold interior needs
to be heated up to allow viscous creep [Senshu et al., 2002].
However, the stresses generated by iron blobs can exceed
the ‘‘ultimate’’ strength of rocks, in which case the insta-
bility can be extremely fast [Davies, 1982; Tonks and
Melosh, 1992]. If very little heat exchange occurs between
the hot liquid iron diapirs and the cold surrounding mantle,
then the temperature of the core approximately corresponds
to the temperature of the impact-generated liquid iron. It is
poorly constrained but in any case it must exceed the eutectic
temperature of iron-sulfur mixture �1300 K [Boehler, 1992;
Poirier, 1994; Fei et al., 1997]. Since the ‘‘lower mantle
average’’ temperature is �900 K the initial core-mantle
temperature difference is at least �400 K.
[46] Senshu et al.’s [2002] models do not take into

account heating of planetesimals by short-lived isotopes
such as 26Al and 60Fe [Urey, 1955; Shukolyukov and
Lugmair, 1993; Srinivasan et al., 1999; Yoshino et al.,
2003; Mostefaoui et al., 2005] which can substantially
increase the mantle temperature. Also, these models do
not consider the role of large differentiated impactors which
can deposit a substantial fraction of their energy into the
deep parts of the mantle [Reese and Solomatov, 2006] and
can contribute their hot cores directly to the core of proto-
Mars as it was shown for the Earth [Canup, 2004]. Besides,
a cold mantle is difficult to reconcile with Hf-W isotopic
data which indicate that metal-silicate segregation took less
than 15 Myr [Kleine et al., 2004]. This requires a partially
molten mantle, although Senshu et al. [2002] argued that
melting of only an upper part of mantle would be consistent
with Hf-W systematics. Shallow melting in the Martian
mantle is also supported by estimates of metal-silicate
equilibrium pressures (about 7.5 GPa) constrained by the
abundances of siderophile elements [Righter, 2003]. Given
the uncertainties, one can consider an end-member model in
which early Mars had a global magma ocean [Elkins-Tanton
et al., 2005]. In this scenario, crystallization of a Martian
magma ocean creates an unstable density stratification
which causes mantle overturn. The overturn replaces an
initially hot lower mantle material (�2400 K) by a relatively
cold material (�1400 K) establishing a core-mantle tem-
perature difference of �1000 K. Thus, even in this case, it is
possible that a large core-mantle temperature difference was
established at the end of planetary accretion.
[47] It is possible that the initial core-mantle boundary

temperature was so high that it exceeded the solidus. In this
case, the thermal boundary layer at the base of the mantle

Table 2. Physical Parameters

Parameter Value Referencea

Planetary mass, M 6.4 � 1023 kg 1
Gravity, g 3.7 m s�2 1
Planetary radius, R0 3390 km 1
Mantle density, r 4000 kg m�3 1
Core radius, Rc 1700 km 2
Core mass, Mc 1.4 � 1023 kg 3
Pressure at CMB, Pc 23 GPa 3
Mantle specific heat, Cp 1200 J kg�1 K�1 1
Core specific heat, Cpc 800 J kg�1 K�1 4
Thermal expansion, a 2 � 10�5 K�1 5
Thermal conductivity, k 4 W m�1 K�1 6
Viscosity law constant, A 5.3 � 1015 s�1 7
Activation energy, E* 240 kJ mol�1 7
Activation volume, V* 5 � 10�6 m3 mol�1 7
Grain size, D 10�3 m 7
Grain size exponent, m 2.5 7
Burgers vector, b* 5 � 10�10 m 7
Shear modulus, G 80 GPa 7

aReferences: 1, Zharkov [1986]; 2, Yoder et al. [2003]; 3, Longhi et al.
[1992]; 4, Anderson [1995]; 5, Chopelas [1996]; 6, Hofmeister [1999];
7, Karato and Wu [1993].
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